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3.1 Introduction

In this chapter, we will discuss the geological carbon
cycle including all processes controlling the distribution
of carbon between the interior of the Earth, the litho-
sphere, the hydrosphere and the atmosphere (Fig. 3.1,
Table 3.1). Our discussion focuses on the geochemical
evolution of carbon inventories and fluxes on a multi-
million year timescale. We will first address the magni-
tude of carbon fluxes in the pre-human Holocene and
then over the last million years. We next examine the
feedbacks stabilizing the distribution of carbon on our
planet and present a balanced geological carbon cycle.
Subsequently, we explore proxies and models to explain
how carbon cycling may have changed over the Earth’s
geological history in parallel with its biological and geo-
logical evolution.

3.2 Organic carbon cycling

Land plants and phytoplankton use solar energy to con-
vert atmospheric CO, into biomass via photosynthesis.
The overall stoichiometry of photosynthesis can be
expressed as:

CO, + H,0 = C(H,0) + O, 3.1)

where the simple carbohydrate C(H,O) represents
organic carbon formed by this process. Molecular oxy-
gen (O,) is released as an important by-product of this
reaction (see Chapter 7). Most of the biomass formed by
photosynthesis, however, is rapidly consumed by
microorganisms living in soils and in the oceans. Just as

humans do, they use the biomass as an energy resource
and recycle CO, into the atmosphere (electron acceptors
other than O, are also used to oxidize organic matter as
described below):

C(H,0) + 0, = CO, +H,0 (3.2)

This respiration process consumes more than 99% of the
biomass produced by photosynthesis both on land and
in the sea (Table 3.2). On land, the remaining biomass
accumulates in living vegetation, soils and detritus, but
this is only transient, as most terrestrial organic matter is
finally exported into the oceans by rivers in dissolved or
particulate form (IPCC, 2007). Overall, approximately
4-5Tmol yr of terrestrial organic matter accumulates
in marine sediments deposited on the continental shelf
(Burdige, 2005). During certain periods of the geological
past (e.g. Permian, Carboniferous) however, the accu-
mulation of terrestrial organic carbon in swamps and
wetlands contributed significantly to the global carbon
burial flux (Berner and Canfield, 1989).

Ancient marine sediments represented by shales are
by far the largest reservoir of organic carbon on our
planet. Organic matter is liberated from these rocks, and
other rocks including carbonates, by physical erosion
and chemical weathering. Even though this old organic
matter is much more resistant towards microbial degra-
dation than young organic carbon in soils, studies indi-
cate that it is oxidized by microbes in the presence of
atmospheric oxygen (Petsch et al., 2001). Thus, if the oxi-
dation reactions proceed much faster than the geological
processes (uplift, physical erosion, chemical weather-
ing) that expose fossil organic matter to the atmosphere
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Figure 3.1 (a) The geological carbon (C) cycle; (b) fluxes
affecting the concentration of carbon dioxide (CO,) in the
surface reservoir of the carbon cycle. Notes: fluxes that are
discussed in detail and quantified in the present work are
solid arrows: B, (burial of POC in marine sediments), B
(burial of methane in marine sediments), B . (burial of
biogenic carbonates in marine sediments), B, . (burial of
authigenic carbonates in marine sediments), D,
(metamorphic degassing of POC), D (metamorphic degassing
of carbonate minerals), D,, (degassing of the mantle), W, .

CH4

Table 3.1 Distribution of carbon on our planet
(pre-human Holocene)

Substance Mass (10" mol)
Carbonate C in rocks 5000
Organic C in rocks 1250
Methane in gas hydrates 0.1-0.3
Cin soil 0.3
Inorganic C dissolved in deep ocean 2.7
(>100m water depth)

Inorganic C dissolved in upper ocean 0.1
(0-100m water depth)

Atmospheric CO, 0.06
Terrestrial biosphere 0.05
Marine biosphere 0.0005

Modified from Berner (2004) and Wallmann (2001).
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(weathering of POC on the continents), W (weathering of
carbonates on the continents), A . (alteration of oceanic crust),
W, (weathering of silicate minerals on the continents), W
(weathering of silicate minerals in marine sediments). Other
carbon fluxes are (dashed arrows): E . (erosion and transport
of POC to the ocean), A, (accretion of POC during
continental collision), E_. (erosion and transport of carbonate
minerals to the ocean), A (accretion of carbonate minerals
during continental collision), S, (subduction of POC in the
mantle), S (subduction of carbonate minerals in the mantle).

Table 3.2 The global cycle of organic carbon (pre-human
Holocene, fluxes in Tmol C yr)

Land
CO,fixation in living biomass 4700
Accumulation of terrestrial organic carbon in 33
vegetation, soil and detritus
Export of terrestrial organic carbon to the oceans 33
Weathering of fossil organic carbon (W) 8-16

Oceans
CO,fixation in living biomass 4040
Export of marine biomass into the deep ocean 800
Rain of particulate organic matter to the seafloor 190
Burial of organic matter in surface sediments 10-65
Burial of organic matter, authigenic carbonate and ~ 5.4-27

methane in deep sediments (B,,. + B,. + B

POC CH4)

Modified after (IPCC, 2007); (Sarmiento and Gruber, 2006);
Burdige, 2007; Wallmann, 2001; Wallmann et al., 2008. Note:
symbols for fluxes correspond to those appearing in Fig. 3.1.
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(Berner, 2004), which is normally true (Bolton et al.,
2006), then upon exposure, a significant fraction of fossil
organic carbon is ultimately degraded into CO,. The
total rate of organic carbon weathering is estimated
as ~8 Tmol of particulate organic carbon (POC) yr!, cal-
culated from a rock denudation rate of 22 x 10" g yr!
(Berner and Berner, 1996) and an average POC concen-
tration in weathering rocks of 0.45wt-% (Lasaga and
Ohmoto, 2002).

The total rate of physical erosion, however, is larger
than the rate of continental denudation since much sedi-
ment eroded from upland areas is deposited in lowland
areas without reaching the oceans. Thus, only about 10%
of the sediments eroded in the United States reaches the
oceans, whereas the remaining 90 % is re-deposited on
the continents (Berner and Berner, 1996). On the other
hand, physical erosion has been greatly accelerated by
agriculture and other human land-uses. It is thus very
difficult to constrain the modern and pre-human rates of
physical erosion and organic matter weathering.
Considering the available data on physical erosion and
continental sediment recycling (Gaillardet et al., 1999b)
and the modeling results on POC weathering in shales
(Bolton et al., 2006), we estimate that about 8-16 Tmol of
CO, yr! were produced by POC weathering during the
pre-human Holocene.

Phytoplankton living in the surface layer of the
oceans contribute significantly to the global primary
production, and most of the organic matter produced
(typically about 80%) is consumed by microbes and
zooplankton within the upper ~ 100m of the water col-
umn (Sarmiento and Gruber, 2006). Of the fraction
exported into the deeper ocean as sinking particles
(Table 3.2), most is degraded during passage to the sea-
floor. Furthermore, of the particulate organic matter
reaching the seafloor a large proportion is consumed
by microbes and other benthic organisms living in the
top 10cm of the sediment column. Only a small fraction
of this organic matter is finally preserved into marine
sediments accumulating at the deep-sea seafloor.
However, much more organic matter is preserved in
rapidly depositing shallow shelf sediments and there is
a consensus that most marine organic carbon is cur-
rently buried in these sediments (Dunne et al., 2007;
Hedges and Keil, 1995; Middelburg et al., 1993). The
rate of organic carbon burial in seafloor sediments is
only poorly constrained (Burdige, 2007) and falls into
the broad range of 10-65Tmol yr~! (Table 3.2). Estimates
generated from marine productivity and particle export
data (Dunne et al., 2007) are much higher than estimates
based on mass balances from sediment data (Hedges
and Keil, 1995).

Before final preservation, much organic matter is
decomposed by anaerobic microbes, of which sulfate
reducers are particularly important (see Chapter 5).

These microbes use seawater sulfate as an oxidant and
convert sedimentary organic matter into bicarbonate
(HCO,):

C(H,0) + %sof; = HCO;+%HZS (3.3)

Much of the sulfide (HS™ and H,S) produced is fixed as
pyrite (FeS,) and other authigenic sulfide minerals.
Further down in the sediment column, where sulfate is
completely consumed, other microbes transform organic
carbon into methane (CH,) and CO,:

C(H,0) = % CO, + % CH, (3.4)

Natural gas hydrates are formed in marine sediments
from methane produced in deep sediment layers by the
microbial degradation of organic matter. Applying the
appropriate kinetic rate laws for the microbial
degradation of organic matter in marine sediments
(Middelburg, 1989; Wallmann et al., 2006), it is estimated
that only ~20 + 10% (~ 2-13Tmol C yr™) of the organic
matter buried in surface sediments is still preserved
after 1 million years of microbial degradation. The major
portion of buried organic matter (80 + 10 %) is, thus,
transformed into HCO,”, CO, and CH,. These metabolites
are either recycled into the ocean or fixed as authigenic
carbonate minerals, gas hydrates and natural gas in
marine sediments (Dickens, 2003; Wallmann et al., 2006;
Wallmann et al., 2008). The burial flux of authigenic
CaCO, in anoxic marine sediments has been estimated
as 3.3-13.3Tmol yr! (Wallmann et al., 2008) while the
accumulation rate of methane and methane hydrates in
deep sediments may fall into the range of 0.1-0.6 Tmol
yr' (Dickens, 2003).

When considering long-term climatic change and the
geochemical evolution of the Earth on a million year
time scale, the most relevant fluxes in the recycling of
organic carbon are the weathering of fossil organic car-
bon on land (8-16 Tmol yr™') and the burial of organic
matter, authigenic carbonates and methane in marine
sediments (5.4-27 Tmol yr~'; Table 3.2).

3.3 Carbonate cycling

Most of the carbon residing on the surface of the Earth is
bound in carbonate minerals (Table 3.1), and the turno-
ver of these carbonates has a profound effect on geologi-
cal carbon cycling. Today, carbonates are mostly formed
by marine organisms using calcium carbonates (CaCO,,
calcite or aragonite) as shell material. The overall stoi-
chiometry of this biogenic calcification can be formu-
lated as:

Ca> + 2HCO; = CaCO, + CO, + H,0 (3.5)
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Biogenic carbonate formation thus serves as a sink for
seawater bicarbonate and as a source for atmospheric
CO, (Table 3.3).

Calcification occurs on shallow and warm continental
shelf areas where corals and other organisms produce
aragonite and calcite in large scale at an estimated
10Tmol CaCO, yr' (Kleypas, 1997). Due to smaller shelf
area and a lower sea-level stand, carbonate accumula-
tion was probably reduced to ~3Tmol yr during the
last glacial maximum (Kleypas, 1997). The average
CaCO, accumulation rate on the continental shelf over
the last one million years may thus be estimated as
4-7Tmol yr..

Much more biogenic carbonate is formed by calcare-
ous plankton living in the open oceans, and about
40-130Tmol CaCO, yr™ of this pelagic carbonate is
exported into the deep ocean by sinking particles
(Berelson et al., 2007; Dunne et al., 2007). Most of the
exported carbonate is, however, dissolved on its way to
the seafloor because deep water masses are often under-
saturated with respect to aragonite and calcite. Moreover,
a large fraction of CaCQO, raining to the seafloor is dis-
solved within surface sediments by metabolic CO,
produced during the microbial decomposition of sedi-
mentary organic matter (Archer, 1996). The accumula-
tion of pelagic carbonates in seafloor sediments is thus
reduced to 10Tmol yr™ (Berelson et al., 2007). The
accumulation rate of pelagic carbonates has probably
changed little through glacial/interglacial climate
cycles, and the overall global accumulation rate of

Table 3.3 Inorganic carbon cycling (pre-human Holocene,
fluxes in Tmol C yr')

CO, sources

Mantle degassing (D,,) 3.1-55
Metamorphism of carbonates (M) 2.0-4.0
Biogenic carbonate burial (B,.) 20.0
CO, sinks

Silicate weathering on land (W) 10-11
Silicate weathering in marine sediments (W ) 3.3-13.3
Carbonate weathering (W) 12.3
HCO; sources

Carbonate weathering (W) 24.6
Silicate weathering on land (W) 10-11
Silicate weathering in marine sediments (W ) 3.3-13.3
HCOQO,; sinks

Biogenic carbonate burial (B,.) 40.0
Alteration of oceanic crust (A,.) 1.5-24

Notes: symbols for fluxes correspond to those appearing in
Fig. 3.1; B,. and W_. differ for HCO; and CO, because of the
2:1 stoichiometry of these carbon species in carbon
precipitation—dissolution processes (Equation 3.9).

biogenic carbonate over the last 1 million years may
thus be estimated as 14-17 Tmol yr.

Bicarbonate dissolved in seawater is precipitated as
carbonates during the reaction of oceanic crust with sea-
water at moderate temperatures (0-50 °C):

basaltic ocean crust + HCO;

= CaCO, + altered ocean crust (3.6)

Because protons released from HCO,™ during carbonate
precipitation are mostly consumed by seafloor weather-
ing reactions (Wallmann, 2001), the alteration of ocean
crust serves as a sink for seawater bicarbonate but not as
source for CO,. Rates of CaCO, accumulation in oceanic
crust are estimated at 1.5-24Tmol of CaCO, yr™
(Wallmann, 2001).

Carbonates also accumulate in anoxic marine sedi-
ments because large amounts of carbonate alkalinity are
formed from organic matter decomposition by micro-
bial sulfate reduction, by the anaerobic oxidation of
methane, and by the weathering of silicate minerals
(Wallmann et al., 2008). The burial flux of authigenic
CaCO, in anoxic marine sediments has been estimated
as 3.3-13.3Tmol yr' (Wallmann et al., 2008). This carbon
flux contributes significantly to the burial of atmos-
pheric CO, in marine sediments and may be regarded as
part of the organic carbon burial flux.

Most of the bicarbonate in river water is derived from
the weathering and dissolution of carbonates on land.
Carbonate weathering serves as an important sink for
atmospheric CO, and a source of seawater bicarbonate:

CaCO, + CO, + H,0 = Ca® +2HCO; 3.7)

River chemistry data suggest that 12.3 Tmol of CO, yr™
are presently consumed by carbonate weathering
(Gaillardet et al., 1999b). This flux is probably not
strongly affected by human land use and other anthro-
pogenic effects. During glacial sea-level low-stands, car-
bonate banks and reefs were exposed to the atmosphere.
Some studies suggest that because of this, carbonate
weathering was enhanced by 2-6Tmol CO, yr' during
thelast glacial maximum (Ludwiget al., 1999; Munhoven,
2002). Other studies (Lerman et al., 2007) conclude that
lower temperatures, diminished runoff and expanded
ice area would have reduced carbonate weathering by
30%. Overall, the average rate of CO, consumption
through carbonate weathering over the last 1 million
years probably falls in the range of 10-16 Tmol yr.

3.4 Mantle degassing

Magma is produced by the partial melting of mantle
rocks at spreading centres, subduction zones, and hot
spot volcanoes. Carbon is an incompatible element that
is strongly enriched in the partial melt and delivered to
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the surface environment as lava is extruded. *He, a pri-
mordial isotope stored in the mantle, has a similar solu-
bility in magma as CO, and can be used to track and
trace volcanic CO, emissions. The largest *He fluxes are
found at submarine spreading centres. The global *He
flux within this tectonic setting (1000mol *He yr™) is
well constrained (Farley et al.,, 1995), and the molar
CO,/*He ratio in the volcanic volatile phase has been
measured in hydrothermal fluids (Resing et al., 2004)
and a large number of fluid and melt inclusions (Marty
and Tolstikhin, 1998). It converges towards a value of 2 x
10° (Resing et al., 2004). Applying this ratio and the total
*He flux, the CO, emissions at spreading centres become
2Tmol yr.

Unfortunately, it is not possible to derive the global
*He flux at subduction zones from the few reliable *He
flux measurements available. Thus, mantle-CO, fluxes
have been calculated from estimates for magma produc-
tion and degree of partial melting in this tectonic setting
(Marty and Tolstikhin, 1998). With this approach, the
release of mantle-CO, at subduction zones is estimated
as 0.3-0.5Tmol yr* (Marty and Tolstikhin, 1998; Sano
and Williams, 1996). Additional CO, is also released at
subduction zones by the metamorphism of subducted
carbonate rocks and fossil organic carbon (see below).
Hot spot and intra-plate volcanoes tap deeper into the
mantle, and estimates of CO, emissions from these types
of volcano, though poorly constrained, fall into the
range of 0.8-3Tmol yr* (Allard, 1992; Marty and
Tolstikhin, 1998). The total rate of CO, release from the
mantle is thus 3.1-5.5Tmol CO, yr.

3.5 Metamorphism

Metamorphism takes place at convergent continental
margins where during subduction and associated
mountain building, rocks are exposed to high tempera-
tures and pressures. Carbonate and organic matter-
bearing rocks may release CO, into the atmosphere
under these conditions. Indeed, Becker ef al. (2008) esti-
mated that 0.9 Tmol yr' of metamorphic CO, is emitted
into the atmosphere in the Himalayas. This CO, comes
from carbonate rocks and to a smaller extent from
organic carbon exposed to high temperatures (~300 °C)
at a depth of ~6km below the surface.

The BC/"C and °He/CO, ratios in volcanic gases
emitted at subduction zones indicate that most of the
CO, comes from subducted carbonates (Sano and
Williams, 1996). CO, measurements at fumaroles indi-
cate that ~ 3.3Tmol CO, yr is emitted into the atmos-
phere by metamorphic decarbonation of subducting
slabs (Sano and Williams, 1996). Decarbonation is pro-
moted by the infiltration of H,O-rich fluids into carbon-
ate-bearing rocks. This water is mostly released from the
lower oceanic crust or from serpentinite, a water-rich

mineral formed by the reaction of upper mantle rocks
with seawater. Numerical modeling predicts a global
CO, flux from subducted carbonates of 0.35-3.12Tmol
yr' (Gorman et al., 2006). Considering contributions
from the Himalayas and other major collision zones, the
total metamorphic release of CO, from carbonate-bear-
ing rocks is estimated as 2 — 4Tmol CO, yr™. The CO,
contribution from fossil organic carbon is estimated
using the C/"C ratios measured at CO,-rich fumorals
and hot springs in volcanic arcs (Sano and Williams,
1996) and back-arcs of subduction zones (Seward and
Kerrick, 1996) and in the Himalayas (Becker et al., 2008).
Overall, the metamorphic release of organic matter
amounts to 0.4-0.6 Tmol of CO, yr™.

3.6 Silicate weathering

Chemical weathering transforms primary silicate min-
erals such as feldspars into clays and other particulate
and dissolved products. The overall reaction may be
represented as:

primary silicates + CO, = clays
+ dissolved metal cations (3.8)
+H,SiO, + HCO;,

Dissolved metal cations (Mg?*, Ca*, Na*, K%, ...) and silica
(H,SiO,) are released during this reaction while CO, is
transformed into bicarbonate (HCO,"). The dissolved
products are transported into the oceans through rivers
and groundwater discharge. Silicate weathering is the
most important sink for atmospheric CO, on geological
time scales. It removes CO, from the atmosphere and
increases the dissolved bicarbonate load of the oceans.

Studies of river chemistry indicate that about
11.7Tmol of atmospheric CO, yr™ are presently con-
sumed by silicate weathering (Gaillardet et al., 1999b),
with young basaltic rocks and tephra the most reactive,
contributing ~4.1Tmol CO, yr™! to this global weather-
ing rate (Dessert et al., 2003). Silicate weathering is pro-
moted by physical erosion because the reactive surface
area of silicate minerals is greatly enhanced by the
grinding of rocks into finer particles (Gaillardet ef al.,
1999a). Physical erosion has been increased by human
land use since cropland, pasture, and open range export
much more particulate material than natural forest and
grassland (Berner and Berner, 1996). Humans have
increased the sediment transport by global rivers
through soil erosion by about 16% {Syvitski, 2005, p.
3949}. Considering these man-made effects on physical
erosion, the pre-human rate of silicate weathering is
here estimated as 10-11 Tmol CO, yr.

Silicate weathering is enhanced in soils compared to
bare rock. This is because soils have a higher partial
pressure of CO, due to organic matter decompositions
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(Lerman et al., 2007) and because plants and microbes
release organic chemicals which remove AlI** and other
cations from the surface of silicate minerals promoting
dissolution (Berner and Berner, 1996). Rates of silicate
weathering were, therefore, much lower before the
advent of land plants during the Paleozoic (Berner, 2004;
see chapter 11).

Most importantly, silicate weathering depends on
climate and the variables of temperature, runoff, and
pCO, (Berner, 1994). The hydrological cycle —including
evaporation, precipitation, and runoff — is accelerated
under warm surface conditions, while high surface
temperatures are usually related to elevated pCO,
values. This threefold link creates a strong climate sen-
sitivity of silicate weathering. The rate of silicate
weathering was probably reduced by 1040 % during
the last glacial maximum by cooler surface tempera-
tures, lower pCO,, diminished runoff and the sealing
of land surfaces by the expansion of continental ice
shields (Lerman et al., 2007, Munhoven, 2002). Thus,
the global rate of silicate weathering averaged over
the last 1 million years is probably in the range of
6 —10Tmol CO, yr.

Reactive silicate minerals not weathered on land are
ultimately deposited on the seafloor in continental
margin sediments, and these minerals are reactive
within sediments (Maher et al., 2004). Silicate weather-
ing rates are especially high in anoxic sediments rich in
labile organic matter. Indeed, most of the metabolic
CO, produced during organic matter decomposition is
converted into HCO,™ by reaction with feldspars, vol-
canic ash and other silicate minerals (Wallmann et al.,
2008). The rate of silicate weathering in marine sedi-
ments has been estimated as 5-20Tmol CO,
yr'(Wallmann et al., 2008). About one third of the bicar-
bonate generated by marine weathering is fixed in
authigenic carbonates and is treated here as part of the
organic carbon cycle as it is ultimately produced by
organic matter decomposition. The remaining fraction
(3.3-13.3Tmol of HCO,” yr' ) is recycled into the
oceans. These new data suggest that the rate of marine
silicate weathering may be as high as the rate of conti-
nental silicate weathering.

3.7 Feedbacks

Drastic changes in atmospheric pCO, and seawater
bicarbonate concentration are mitigated by negative
feedbacks in the geological carbon cycle. As an example,
inorganic carbon is removed from the oceans and atmos-
phere when levels of atmospheric CO, or seawater
bicarbonate are too high. Such negative feedbacks also
work in the opposite direction, where, for example,
depleted inventories of inorganic carbon in the oceans
and atmosphere can be restored to pre-depletion levels.

The most important negative feedback on atmos-
pheric pCO, is through the temperature sensitivity of
terrestrial silicate weathering (see below). If volcanoes
deliver high doses of CO, to the oceans and atmosphere,
the concentrations of CO, reach only moderate levels.
This is because the removal rate of CO, by silicate and
carbonate weathering is accelerated due to higher tem-
peratures imparted by the higher CO, concentrations
(Walker et al., 1981). Conversely, with a reduced source
of CO,, atmosphere CO, concentrations do not fall too
low as the resulting lower temperatures reduce the
removal rate of CO, by weathering. Therefore, the tem-
perature sensitivity of weathering reactions acts to stabi-
lize atmospheric pCO,.

Bicarbonate concentrations in the oceans are stabi-
lized by another negative feedback loop. Bicarbonate is
mainly removed from the oceans by the burial of bio-
genic carbonates in sediments (see above). Carbonate
burial depends on the saturation state of seawater with
respect to calcite and aragonite. With high bicarbonate
concentrations in seawater, oceans tend to be oversatu-
rated with respect to these carbonate minerals, increas-
ing the accumulation of carbonate in sediments and
stabilizing bicarbonate concentration at a moderate
level. The equilibrium reaction representing carbonate
precipitation and dissolution within the oceans is shown
in Equation 3.9.

Ca’'+ 2HCO; < CaCO, +CO, + H,0 (3.9)

This reaction equation also demonstrates an additional
negative feedback on CO, since surplus CO, delivered
by volcanoes and other sources is removed from the
oceans and atmosphere by enhanced carbonate dissolu-
tion at the seafloor.

Organic carbon burial in the seafloor is another impor-
tant CO, sink (see above). It is ultimately regulated by
the inventory of dissolved phosphate in the oceans since
phosphate is the major limiting nutrient for marine pro-
ductivity on geological timescales. Since organic carbon
burial and phosphorus removal are enhanced when
oceanic phosphate inventories are high, the phosphate
inventory and marine productivity are restored to mod-
erate levels by organic matter burial in a negative feed-
back loop. Phosphate is delivered to the oceans through
chemical weathering on land, and since weathering
rates are accelerated at high pCO,, enhanced phosphate
delivery to the oceans and elevated organic matter bur-
ial dates are promoted by high pCO, levels. Thus,
organic matter burial provides a negative feedback for
the stabilization of atmospheric pCO, values (Wallmann,
2001). The C:P ratio of marine phytoplankton increases
at elevated pCO, levels (Riebesell et al., 2007). Therefore,
more organic carbon can be fixed and stored in marine
sediments for a given oceanic phosphate inventory
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when surplus CO, is added to the atmosphere. Together,
these negative feedbacks have acted to maintain the car-
bon inventory of oceans and atmosphere at a moderate
level throughout Earth’s history.

Positive feedbacks may amplify the effects of natural
and anthropogenic perturbations to the carbon cycle
and destabilize the carbon inventories in oceans and
atmosphere. An example relates to marine productivity
and organic carbon burial, with dissolved iron in seawa-
ter playing a key role in this feedback loop. Iron is
another essential nutrient for marine plankton, limiting
marine productivity in many areas of the modern ocean
(Sarmiento and Gruber, 2006). Iron is mostly delivered
to the oceans as wind-blown dust particles. At low pCO,
values and surface temperatures, land tends to be drier
and winds are stronger, resulting in a larger dust and
iron flux to the oceans, which may ultimately increase
CO, removal via ocean fertilization. Through this chain
of processes, low pCO, values may be further dimin-
ished by enhanced marine productivity and organic car-
bon burial rates in a positive feedback loop. Fortunately,
these positive feedbacks are usually mitigated by more
powerful negative feedback loops on geological time
scales. Otherwise, life on Earth could not be maintained.

3.8 Balancing the geological carbon cycle

In what follows, we apply a mass balance approach to
constrain the fluxes in the geological carbon cycle. Ice
core data show that atmospheric pCO, has ranged from
190 and 280 uatm over the last 400kyr (Petit et al., 1999)
responding to glacial/interglacial cycles without a sig-
nificant long-term trend. It may thus be concluded that
the carbon cycle reached a pseudo-steady state during
the last 1 million years with an average pCO, of
~230patm overprinted by short term oscillations. This
steady state is achieved through negative feedbacks sta-
bilizing the global CO, inventory in oceans and atmos-
phere (see above). The long-term mass balance for CO,
may thus be formulated as:

CO, sinks = CO, sources (3.10)
with

CO, sinks = carbonate weathering (W) + silicate weath-
ering on land (W, ) + silicate weathering in

CSIL
marine sediments (W) + burial of POC
(Bpoo), authigenic carbonates (B,.), and

methane (B_,,,) in marine sediments
CO, sources =mantle degassing (D,) + metamorphic
degassing of carbonates (D) + metamorphic
degassing of POC (D,,,.) + POC weathering
(W,o) + biogenic carbonate burial (B,,.)

where the symbols for the different fluxes of carbon are
the same as those which appear in Fig. 3.1. We also

assume that the total carbon inventory of oceans and
atmosphere reached a steady state:

carbon sinks = carbon sources (3.11)
with

carbon sinks = biogenic carbonate burial (B,.) + burial of
POC (B,), authigenic carbonates (B, ),
and methane (B,,,) in marine sediments
+ alteration of oceanic crust (A )
carbon sources = mantle degassing (D,,) + metamorphic
degassing of carbonates (D) + meta-
morphic degassing of POC (D,,.) +
POC weathering (W,,.) + carbonate
weathering (W)

POC

Sediment core data reveal a constant base line for the
carbon isotopic composition of biogenic carbonates and
seawater over the last one million years (Zachos et al.,
2001) overprinted by glacial/interglacial fluctuations
(Sarmiento and Gruber, 2006). An isotopic mass balance
can thus be defined to further constrain the magnitude
of geological carbon fluxes:

8"C of carbon sinks = 8"C of carbon sources (3.12)

with

8"C of carbon sinks = 8"°C_, x (B, + A,) + 6°C,, X (B
+ BAC + BCH4)

8"°C of carbon sources = 6"C, x D, + 8"C.,, X (D, + W)
+8%Cpyy X (Dpoe + Wioo)

POC

POC

The carbon isotopic compositions of the different carbon
sinks and sources are given as (Wallmann, 2001):
carbonate minerals accumulating at the seafloor
(8"C., = 0%o), sedimentary POC accumulating at the
seafloor (6"°C,,, = —24 %.), carbonate minerals subject to
weathering and metamorphosis (8"°C.,, = +2 %o), fossil
POC subject to weathering and metamorphosis
(8"C,,, = =26 %o) and mantle CO, (8"C,, = =5 %o).

The isotopic composition of carbonates and POC has
changed over time (Fig. 3.2). Thus, the 8"*C values of the
input fluxes produced by the weathering and metamor-
phism of ancient rocks (8”C_,, and 8"C,,) differ from
the modern output fluxes generated by POC and CaCO,
accumulation at the seafloor (8"°C_, and 8"C,,).

Balanced carbon fluxes can be calculated applying
the three mass balance equations for CO,, carbon, and the
isotopic composition of the different carbon sources and
sinks considering also the range of fluxes estimated
above. Technically speaking, this can be achieved with
constrained minimization techniques. The results of this
exercise are listed in Table 3.4. They indicate that 7.3 Tmol
of CO, yr! are released by mantle degassing and
metamorphism while 10.6 Tmol of CO, yr~! are consumed
by silicate weathering on land and in marine sediments.
An additional 4.3Tmol of CO, yr are released by the
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Figure 3.2 8°C_, and 8°C  throughout Earth’s history.
(a) Complete record for the past 3.8 Gyr. (b) Phanerozoic 6°C_,

record. (c) Phanerozoic 813C0rg record. Note: data from Strauss
and Moore (1992), Hayes et al. (1999) and Prokoph et al. (2008).

turnover of biogenic carbonates (burial — weathering)
while 1.0 Tmol of CO, yr™ are fixed by POC cycling (bur-
ial — weathering). Silicate weathering is, thus consuming
volcanic and metamorphic CO, and additional CO, pro-
duced by an imbalance in sedimentary carbon cycling.
Seawater bicarbonate is maintained at a steady level by
carbonate and silicate weathering adding 23.4 and
10.6 Tmol of HCO,™ yr™' to the oceans and by the burial of
biogenic carbonate and crustal alteration removing 32.0
and 2.0Tmol of seawater HCO,~ yr~'. Volcanism is add-
ing mantle carbon into the oceans and atmosphere which
is removed by the net growth of the sedimentary carbon-
ate and POC inventories (burial — weathering — metamor-
phism) and by the alteration of oceanic crust. The
residence time of carbon in the oceans and atmosphere is
calculated as 102kyr considering the carbon inventory
(2.86 x 10° Tmol of C, Table 3.1) and the balanced input
and output fluxes (28.0Tmol of C yr?, Table 3.4).

Table 3.4 Mean carbon fluxes over the last 1 million years (in
Tmol C yr)

Flux Range Balanced Flux

Carbon sources

Mantle degassing (D,,)
Metamorphic degassing of
carbonate rocks (D)
Chemical weathering of 10-16 11.7
carbonate rocks (W)

3.1-55 4.3
2.0-4.0 2.5

Metamorphic degassing 0.4-0.6 0.5
of POC (D,,.)

Chemical weathering of POC 8-16 9.0
(WPOC)

Total 28.0
Carbon sinks

Burial of biogenic carbonate 14-17 16.0
at the seafloor (By.)

Alteration of oceanic crust (A,.) 1.5-2.4 2.0
Burial of POC, authigenic 5.4-27 10.0
carbonates, and methane in

marine sediments

(BPOC + BAC + BCH4)

Total 28.0
CO, sources

Mantle degassing (D,,) 3.1-55 43
Metamorphic degassing of 2.0-4.0 2.5
carbonate rocks (D)

Metamorphic degassing 0.4-0.6 0.5
of POC (D,,.)

Chemical weathering 8-16 9.0
of POC (W)

Burial of biogenic carbonate at ~ 14-17 16.0
the seafloor (B,.)

Total 32.3
CO, sinks

Chemical weathering of silicate 6 - 10 7.1
rocks on land (W)

Chemical weathering of silicates  3.3-13.3 3.5
in marine sediments (W)

Chemical weathering of 10-16 11.7
carbonate rocks (W)

Burial of POC, authigenic 5.4-27 10.0

carbonates, and methane in

marine sediments

(WPOC + WAC + WCH4)

Total 32.3

Note: symbols for fluxes correspond to those appearing in
Fig. 3.1.

3.9 Evolution of the geological carbon cycle
through Earth’s history: proxies and models

In what follows, we describe the evolution of the carbon
cycle over the past 3.8Gyr based on available proxy
records and results from geochemical models. We begin
by discussing the proxy records.
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3.9.1 Carbon isotope composition of marine carbonates
(6°C,,,,) and organic matter (§°C, )

The stable carbon isotope composition of marine sedi-
mentary carbonates (8"°C_ ) provides a record of how
the 8"C of oceanic dissolved inorganic carbon (DIC =
COz + HCQO; + CO,) has varied through time. Together
with the stable carbon isotope composition of marine
sedimentary organic carbon and kerogen (813C0rg), an
estimate of the isotopic fractionation accompanying the
production and burial of organic carbon (g,,. ~ 6°C_, —
513C0rg) can be obtained (Hayes et al., 1999). Of interest to
us here is the use of the £, record to estimate the frac-
tion of carbon buried as organic matter in marine sedi-
ments (f ). This provides information on the pace and
mechanism of oxidation of the Earth’s surface (Hayes
and Waldbauer, 2006). In its simplest form, the relation
between g, and f, is:

carb

8"Cppy = 87°Cy, +/, X Eroc (3.13)
where 8“C, is the stable carbon isotopic composition of
the carbon input to the surficial system via volcanism,
metamorphisms, and continental weathering. This simple
relation is valid when the global carbon cycle is in steady
state and submarine hydrothermal weathering reactions
do not influence the 8"C of oceanic DIC (Bjerrum and
Canfield, 2004; Hayes and Waldbauer, 2006).

Figure 3.2 shows the most recent compilation of
d"C_ , through Earth history (Prokoph et al., 2008) along
with a compilation of §°C__data obtained by combining
a dataset for the last 800 Myr (Hayes et al., 1999) with the
Precambrian (540-3800Myr) dataset of Strauss and
Moore (1992). The interested reader can consult the orig-
inal literature for more information on which type of
inorganic and organic phases are analyzed to generate
these records and for potential analytical pitfalls.

3.9.2  Strontium isotope composition of marine
carbonates (¥ Sr/?6Sr)

The ¥Sr /%Sr ratio in seawater is homogeneous through-
out the ocean (Veizer and Compston, 1974). Thus, the
¥Sr /%5r ratio as captured in marine carbonates can be
used as an indicator of the ¥Sr/%Sr ratio in ancient sea-
water. This reflects the relative intensity of the two Sr
sources to the ocean: silicate weathering, which releases
Sr with high ¥Sr/%Sr ratios (modern values between
0.705 and 0.735; Gaillardet et al., 1999b), and seafloor
spreading, which releases basaltic Sr with low ¥5r/%Sr
ratios (modern average ~0.703; Teagle et al., 1996). Over
long time scales, the evolution of ¥Sr /#S5r composition of
the mantle should also be considered. Thus, mantle
¥Sr /%Sr increased from ~0.700 at 4.0 Gyr to 0.703 at pre-
sent due to ¥Rb/*Sr decay (Shields, 2007). There might
also be a temperature-dependent Sr isotope fractionation
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Figure 3.3 ¥Sr/%Sr evolution of the ocean as an indicator of
oceanic crust alteration versus continental weathering inputs of
Sr. (a) ¥Sr/%Sr data throughout the past 3.8 Gyr (Prokoph et al.,
2008). Inset: detail of the Phanerozoic ¥Sr /%Sr record;

(b) secular evolution of ¥Sr /%Sr of the mantle (dotted line),
riverine input (dashed line) and ocean (solid line); (c) relative
influence of river inputs and ocean crust alteration as Sr sources
to the ocean deduced from the curved entry or line in panel (b).
Notes: solid line in (b) considers lower envelope of Precambrian
87Sr /%Sr values in Prokoph et al. (2008); see Shields (2008) for
assumptions made to obtain the river runoff curve in panel b;
panels (b) and (c) are redrawn from Shields (2008).

as Sr is incorporated into carbonate minerals (Fietzke
and Eisenhauer, 2006), but this is usually not considered.

Figure 3.3 presents a compilation of ¥Sr/#Sr of marine
carbonates throughout Earth’s history (Prokoph et al.,
2008). Analyses come from diagenetically unaltered or
poorly-altered low-Mg calcite shells of marine organisms
(brachiopods, belemnites, corals, inoceramids, planktic
foraminifera, oysters) and the apatite shells of conodonts
supplemented by whole rock samples to fill stratigraphic
gaps in the fossil data and for the Precambrian. While the
Phanerozoic record is considered robust, Precambrian
¥Sr /%Sr values have likely been increased considerably
during sedimentary diagenesis (Veizer, 1989).

3.9.3  Proxies of atmospheric pCO,

Because of the fundamental role of atmospheric CO, in
regulating climate (Mann ef al., 1998; Berner, 2004; Royer
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et al., 2007), a number of proxies relating the geochemi-
cal characteristics of sediments to past atmospheric CO,
concentrations have been developed:

1 The &“C of pedogenetic minerals (Cerling, 1991).
The 8"“C of calcium carbonate or carbonate in goethite
formed in soils reflects the relative contribution of bio-
logically produced and atmospherically-derived CO,,
each with distinct §”°C signatures. With constraints on the
contribution from biologically derived CO,, the §"C of
pedogenetic minerals can be used to estimate past atmos-
pheric CO, concentrations. This technique has been
applied to soils from both the Phanerozoic (Ekart et al.,
1999) and the Precambrian (Rye et al., 1995; Sheldon,
2006).

2 The &“C of phytoplankton (Freeman and Hayes,
1992). The concentration of dissolved CO, is one of the
key parameters controlling the carbon isotope difference
between the carbon source (dissolved CO,) and photo-
synthetically-produced biomass. With careful consider-
ation, the A®C (= 8%C_, - 613C0rg) can be used to
reconstruct past atmospheric pCO, levels, and this
method has been applied to both the Phanerozoic and to
certain periods in the Precambrian (Pagani, 1999a,
1999b; Kaufman and Xiao, 2003; Fletcher et al., 2005).

3 Stomatal distribution (Van der Burgh et al., 1993).
In C3 plants, the flux of CO, into the leaves is regulated
by pores (stomata). Since the abundance of stomata on
the leaf epidermis is inversely proportional to pCO,,
the stomatal density of fossil leaves can be used to
reconstruct past atmospheric pCO, levels. This method
provides past pCO, estimates in the time interval 0—402
Mya (Rundgren and Beerling, 1999; McElwain and
Chaloner, 1995).

4 The 3"B of planktonic foraminifera (Pearson and
Palmer, 2000). The "B of trace boron incorporated in
the shells of planktonic foraminifera is thought to reflect
that of dissolved B(OH),”, one of the two dissolved
boron species (the other is B(OH),). Since the 8"B of
dissolved boron species is a function of seawater pH, the
d"B of planktonic foraminifera can be used to estimate
the pH of surface waters. In conjunction with knowledge
of the dissolved inorganic carbon concentration, these
estimates are used to calculate atmospheric pCO,. This
method has been applied in the 0-60 Myr time interval.

5 Calcified cyanobacteria (Kah and Riding, 2007).
Cyanobacteria — microorganisms with a 22.7 Gyr evolu-
tionary history which perform oxygenic photo-
synthesis — can induce the precipitation of CaCQO, in the
cyanobacterial sheath (the matrix of organic molecules
which surrounds the cyanobacterial cell). This is thought
to occur at low pCO, levels, concomitant to the activa-
tion of carbon concentrations mechanisms (CCMs),
which make HCO," available to cyanobacteria for pho-
tosynthesis in CO,-limited environments. Because

CCMs are induced when pCO, is lower than 10x the
present atmospheric level of CO, (PAL) in modern
cyanobacteria, the first appearance of calcified cyano-
bacteria in the sedimentary record (1.2Gyr) is taken to
indicate that atmospheric pCO, fell below 10 PAL at that
time. This method can be applied only to cyanobacteria
that were supposedly calcified in direct contact with
bottom ocean waters, rather than in a cyanobacterial
mat where chemical conditions differ greatly from those
of bottom waters (Aloisi, 2008).

6 Weathering rinds on river gravel (Hessler et al.,
2004). Pebbles formed 3.2 Gyr ago by continental erosion
and river transport of felsic volcanic rocks have an outer
layer of altered material (weathering rind) rich in Fe(II)
carbonate. Thermodynamic considerations predict that
Fe(Il) carbonate is the most likely mineral phase to form
in this ancient riverine environment if pCO, levels are
above 2-3 PAL (at lower pCO, Fe(Il)-layer silicates
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Figure 3.4 Atmospheric pCO, throughout Earth’s history.

(a) Phanerozoic record showing proxy data (circles) and
results of the GEOCARB III model. (b) Precambrian proxy
data obtained using calcified cyanobacteria (A; Riding and
Kah, 2006), acritarchs (B; Kaufman and Xiao, 2003), Paleosols
(C,D; Sheldon, 2006 and Rye et al., 1995) and weathering rinds
(E; Hessler et al., 2004).
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would form). Thus, atmospheric pCO, at 3.2Gyr must
have been >2-3 PAL.

Figure 3.4 summarizes the atmospheric pCO, proxy
data and compares it with Phanerozoic atmospheric
pCO, estimates obtained with the GEOCARB III model
of the global carbon cycle (Berner and Kothavala, 2001).

3.10 The geological C cycle through time
3.10.1 Archean (3.8-2.5Gyr)

Mantle outgassing and hydrothermal circulation were
likely higher in the Archean than today due to a higher
thermal flux from the Earth’s interior (Sleep and Zahnle,
2001; Lowell and Keller, 2003). The rates of these pro-
cesses are proportional to the rate of hydrothermal heat
flow which can be reconstructed from the thermal char-
acteristics of the oceanic lithosphere and the mantle and
the growth history of the continental crust (Lowell and
Keller, 2003). Continental growth history, however, is
only poorly constrained (Kemp and Hawkesworth,
2005), leading to a great uncertainty of past degassing
and hydrothermal circulation rates. One view — the ‘big
bang’ model of continental growth — proposes that
continental masses reached their present area very early
in Earth’s history (<4Gyr; Armstrong, 1991). Another
theory is that the continental growth took place mainly
during super-events of crust formation at 2.7, 1.9 and
1.2Ga (Condie, 1998). Based on an episodic continental
growth history where continents grew from 10% to 80%
of current area between 3.2 Gyr and 2.5Gyr (Lowell and
Keller, 2003), Hayes and Waldbauer (2006) calculate that
the CO, degassing flux from the mantle at 3.8Gs was
about nine times higher than today.

With reduced continental surface area and enhanced
thermal fluxes, alteration of oceanic crust and basalt car-
bonation would have probably been the largest CO, sink
in the Archean (Walker, 1990), accounting for up to 90%
of the inorganic carbon removal (Sleep and Zahnle,
2001; Godderis and Veizer, 2000). This removal is evi-
denced by the widespread presence of hydrothermal
carbonates in greenstone belts (Veizer et al., 1989;
Nakamura and Kato, 2002).

Archean ¥Sr/%Sr values (Fig. 3.3a) are quite variable
ranging from low values of ~0.701 to much higher val-
ues of ~0.764. This variability is thought to have resulted
from the addition of heavier Sr during sediment diagen-
esis. Therefore, one typically views the lowest measured
values as representative of the ¥Sr/%Sr of contempora-
neous seawater (Prokoph et al., 2008). Following this, the
ocean had very low ¥Sr/%Sr values in the Archean. This
is partly due to the fact that the ¥Sr/%Sr of the mantle,
which is the ultimate source of Sr to the ocean, has
increased though time due to radiogenic decay of ¥Rb

(Shields, 2007) (Fig. 3.3b). The ¥Sr/%5r record, however,
departs from the mantle ¥Sr/*Sr curve around 2.7-
2.5Gyr (Fig. 3.3b) suggesting that at this time the domi-
nant source of Sr to the ocean changed from ocean ridge
hydrothermal sources to continental weathering
(Shields, 2007; Fig. 3.3c). A general picture emerges
which broadly divides Earth’s history into pre-
Neoarchean times, when the exogenic system was
affected principally by inputs from the mantle and post-
Neoarchean where mantle fluxes decreased relative to
those from continental weathering (Veizer and
Compston, 1976; Rey and Coltice, 2008).

The most striking feature of the §°C_, and 8°C
records is, despite some important deviations, the rela-
tive constancy of values throughout Earth’s history (Fig.
3.2). The &BC of carbon released into oceans and atmos-
phere via mantle degassing, metamorphism and weath-
ering (8"C, ) is usually assumed to have been constant
through time and equal to ~-5%. (Kump and Arthur,
1999; Bjerrum and Canfield, 2004; Hayes and Waldbauer,
2006). Supporting this is the composition of mantle-
derived diamonds and carbonatites which have §"C ~
—-5%o independent of age of emplacement or location
(Kyser, 1986, Mattey, 1987; Pearson et al., 2004). When
these average 8"°C values are applied to the simplified
isotopic mass balance defined in equation 13, it can be
concluded that ~20% of carbon was buried in organic
form for the past 3.5Gyr (see, however, Bjerrum and
(Canfield, 2004) for a somewhat different view). Hayes
and Waldbauer (2006) reconstructed the fraction of car-
bon buried in the organic form (f,) and the net accumu-
lation of reduced carbon in the crust in the past 3.8 Gyr
using the §"C proxies introduced above in conjunction
with an isotopic mass balance (similar to Equation 3.13,
above) and assumptions on the history of mantle degas-
sing and crust-mantle carbon exchanges (Fig. 3.5). These
results seem to indicate that the Archean sedimentary
record carries the geochemical imprint of biological car-
bon cycling operating in an astonishingly stable mode.

The Archean isotope records ends with a prominent
negative 8“C__excursion (8"C__down to—60%o.)between
2.8 and 2.6 Gyr (Fig. 3.2). Three possible scenarios have
been proposed to explain this event:

1 High *C depletions caused by high rates of methane
oxidation by aerobic methanotrophic bacteria and the
incorporation of strongly *C depleted bacterial biomass
into the organic carbon pool. The strongly *C-depleted
biomass is produced as methanotrophs oxidize highly
BC depleted methane (Hayes, 1994).

2 Sulfate, instead of oxygen, was used to oxidize
methane anaerobically by a microbial consortium of
sulfate-reducing bacteria and methanotrophic Archaea
(Hinrichs, 2002).

3 The PC-depleted organic matter originated as organic
particles formed from a *C-depleted organic haze in the
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Figure 3.5 Integrated net production of organic carbon,
equivalent to the net release of oxidizing power (Emol O,),

in the past 3.8 Gyr (from Hayes and Waldbauer (2006)).

(a) estimated values of f,, the portion of carbon buried in the
organic form compared to total buried carbon in the past

3.8 Gyr; (b) Integrated production of organic carbon. Notes:
dotted lines consider that the extreme *C-enrichement of
carbonates between 2.3 and 2.0 Gyr reflects a global signal of
the ocean (this idea is now considered unlikely, see Hayes and
Waldbauer, 2006).

atmosphere. Modeling suggests that such a haze would
form when atmospheric CH,/CO, = 1 (Pavlov et al,,
2001). A methane-rich Archean atmosphere, and its
associated greenhouse warming, is consistent with an
emerging view that Archean atmospheric levels where
not as high as once thought.

3.10.2 Proterozoic (2.5 Ga—540 Ma)

The Proterozoic 8"C_, record starts with one of the
most controversial excursions of the Precambrian: a
globally expressed positive 8"*C excursion of up to 12%.
between 2.3 and 2.0Ga (Karhu and Holland, 1996;
Melezhik et al., 1999). Similar enrichments occur also in
the 2.44-2.30Ga and 1.92 — 1.97 Ga intervals but it is not
known if these are global events (Melezhik ef al., 1999).
These were initially interpreted as reflecting a nearly
threefold increase in the fraction of carbon buried as
organic matter (Karhu and Holland, 1996), with a corre-
sponding huge increase in the net release of oxidizing
power with consequences for the accumulation of O, in
the atmosphere (the ‘great oxidation event’; Karhu and

Holland, 1996; see dotted lines in Fig. 3.5). But a parallel
increase in the §°°C_ signal — which would result from
primary producers using the ®C-enriched DIC pool -
has not been observed; nor have the large organic matter
deposits that would result from increased production
(Hayes and Waldbauer, 2006). Furthermore, such high
levels of primary productivity require unlikely high
supplies of phosphate to the ocean (Aharon, 2005).

In another explanation, *C-enriched carbonates can
also be produced in methanogenic sediments, where fer-
mentative processes add “C-enriched CO, to pore
waters (Claypool and Kaplan, 1974; Hayes and
Waldbauer, 2006). Such diagenetic carbonates are known
to occur in modern settings where methanogenesis is
intense (Matsumoto, 1989). The methane produced is
BC-depleted (60 to —100%.) and could be the source of
the *C-depleted inorganic carbon and carbonates where
methane is oxidized anaerobically in conjunction with
sulfate reduction (Aloisi et al., 2002) or aerobically with
oxygen, perhaps explaining some the early Proterozoic
BC-depleted carbonates. Should a diagenetic origin of
the 3C-rich carbonates be confirmed, it would mean that
the *C-enriched carbonates from the early Proterozoic
do not necessarily imply an increase in organic carbon
burial and exceptional rates of oxygen production at this
time (Fig. 3.5b, solid line as opposed to dashed line).

In the period from 1.8 to 1.3 Gyr, there is little change
in the 8"C of organic or inorganic carbon (Fig. 3.2). This
could be due to stability in crustal dynamics, climate
and oxidation state of the surface environment (Buick et
al., 1995; Braiser and Lindsay, 1998) or high oceanic DIC,
which would buffer oceanic §"*C with respect to changes
in the carbon inputs to and outputs from the ocean
(Bartley and Kah, 2004). From 1.3 Gyr to the Precambrian—
Cambrian boundary (540 Myr), the variability in 6°C_
becomes extreme, with values ranging from —12 to 8%.
between 750 and 600 Myr (Halverson et al., 2005). The
events driving these extreme §"°C shifts may have been
truly exceptional.

The most extreme isotope variations are partly coinci-
dent with global ‘snowball Earth’ glaciations (Knoll,
1991). Both isotopic discrimination (g,,.) and the fraction
of carbon buried in the organic form (f)) are high just prior
to the Sturtian (between 750 and 700Myr) and Marinoan
(between 663 and 636 Myr) glaciations (Halverson et al.,
2005).Very positive 3°C carbonate values occur at the
onset of global glaciations followed by negative §°°C car-
bonate values during these global ice ages (Kaufman and
Knoll, 1995). The most negative values are recorded in
post-glacial ‘cap’ carbonates covering the glaciogenic
deposits and during the so-called Shuram-Wonoka
anomaly at around 580 to 550Ma (Fike et al., 2006).
Rothman et al. (2003) have argued that these large nega-
tive isotope excursions resulted from the periodic partial
oxidation of a huge Neoproterozoic marine DOC pool.
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3.10.3 Phanerozoic

During most of the Cambrian to Devonian, pCO, values
were higher than today (Berner, 1997, 2004, 2006; Farkas
et al., 2007; Wallmann, 2004), likely in the range of 1000
8000 patm (Royer, 2006; Royer et al., 2007) (Fig. 3.4). These
high levels were probably caused by reduced rates of sili-
cate weathering on land. In part, high CO, was a conse-
quence of lower solar luminosity. Quite simply, with a
less luminous Sun, higher CO, concentrations are neces-
sary to raise the Earth surface temperature to the point for
sufficient CO, removal by weathering. Also, this time was
before the advent of land plants and their enhancement of
silicate weathering through rooting activity leading to
soil formation, enhanced rates organic matter decay, and
elevated soil pCO, concentrations as discussed above.

Amajordipin pCO, occurred during the Carboniferous
and Permian. The rise and spread of land plants over
this period is the ultimate reason for this prominent
reduction in pCO, (Berner, 1997). As just mentioned,
vascular plants greatly promoted soil formation and the
consumption of CO, via silicate weathering. Extensive
burial of organic carbon in wetlands and swamps also
added to the dramatic draw-down in pCO,. Enhanced
organic carbon burial is clearly documented by the very
positive marine 8"*C values (Fig. 3.2) indicating the pro-
nounced sequestration of ?C in organic matter.

Atmospheric pCO, values recovered and reached a
maximum during the Jurassic and Cretaceous. These
elevated pCO, values, ranging between 500 and
4000 patm, were probably related to enhanced rates of
mantle degassing and volcanism. The ¥Sr/%Sr of marine
waters reached a prominent minimum during this
period. This indicates high rates of hydrothermal activ-
ity at mid-ocean ridges (Fig. 3.3), which correlates with
the high rates of seafloor spreading and mantle degas-
sing of CO, (Farkas et al., 2007; Wallmann, 2004).

Over the last ~40 million years, pCO, values declined
towards the very low Pleistocene to Holocene value of
~230uatm. This decline was probably caused by enhanced
rates of silicate weathering. The collision of India with
Asia formed the Himalayas and the Tibetan Plateau
increased the rate of physical erosion and CO, removal
by silicate weathering (Gaillardet et al., 1999b; Raymo,
1994). The marine ¥Sr/%Sr record supports this scenario.
It shows a very rapid increase in ¥Sr/%Sr over the late
Cenozoic indicating that Sr with very high continental-
like ratios was released into the oceans (Wallmann, 2001).

During the Anthropocene, pCO, values may increase
towards a value of ~1000 uatm due mainly to the burn-
ing of fossil fuel. Prior to the onset of industrialization,
~10.5Tmol of CO, yr' were released by POC weather-
ing and metamorphism (Table 3.4). Burning of fossil fuel
increased the release of CO, from fossil organic carbon
by almost two orders of magnitude to >600 Tmol of CO,

yr!' (IPCC, 2007). CO, from fossil organic sources is
strongly depleted in the heavy "*C isotope. Thus, the iso-
topic composition of the atmosphere and the surface
ocean has shifted towards more negative 3" °C values
due to anthropogenic CO, emissions. Models predict
that anthropogenic CO, will be removed from the atmos-
phere and taken up by the oceans within the next ~
100kyr (Ridgwell and Hargreaves, 2007). The future
geological record will thus document the Anthropocene
as a sharp negative excursion in the §"°C of carbonates
and organic biomarkers.

3.11 Limitations and perspectives

The geological carbon cycle considers the long-term dis-
tribution of carbon on our planet. Thus, most short-term
biological fluxes are not considered in the geological
carbon cycle as they have rather little effect on the long-
term evolution of the major carbon inventories. These
are explored in Chapter 2.

Anumber of important physical processes are typically
neglected by most researchers working on global carbon
cycling. Thus, the dissolution of atmospheric CO, in the
oceans, the transport of dissolved carbon compounds by
ocean currents, and the out-gassing of oceanic CO, into
the atmosphere are usually not resolved in long-term car-
bon cycle models. It is usually assumed that the carbon
distribution between the oceans and atmosphere attains
equilibrium within less than one million years. While this
assumption is basically correct, it may not be strictly
valid for ancient oceans with higher inventories of DIC or
supporting much lower rates of biological activity.

Motivated by these problems and further important
limitations arising in the traditional geological approach,
a new generation of geobiologists are coordinating with
scientists from other fields such as physical and biologi-
cal oceanography and climatology to develop new Earth
system models resolving the complex interactions
between biological, physical, chemical, and geological
processes. These ultimately control the pCO, of ancient
and future atmospheres, seawater pH and the distribu-
tion of carbon on our planet.
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